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Subglacial hydrology and ice flow

Drainage of surface meltwater to the bed affects 
ice speed (due to influence on water pressure).

But… decreased ice speeds may be more significant for ice loss.

Longer term observations suggest No.  Increased 
melting         decreased average ice speeds (due 
to more efficient subglacial drainage).

Possibility of positive feedback?  Increased surface 
melting          increased ice speeds          larger ablation 
area / increased discharge.

Tedstone et al 2015

began around 2002, and, despite interannual variability, there was a
robust overall trend of 21.5 m yr22 during 2002–14 (P , 0.01).
Meanwhile, we can divide surface meltwater production (Fig. 2a) into
three statistically significant periods (see Methods): a sustained ‘low’
melt of 2.1 water equivalent (w.e.) m yr21 during 1985–93; a rising
melt during 1993–2002; and a sustained high melt of 3.2 w.e. m yr21

during 2002–14, coincident with the slowdown in ice motion. Overall
there was a 49.8% rise in surface meltwater production across our
study area between 1985–94 and 2007–14.

We explored temporal variability in ice motion along three transects
(Fig. 1), selected to represent different ice-marginal conditions.
Transect A extends 80 km inland from the Nordenskjöld glacier, which
has a lacustrine-terminating margin; transect B extends about 30 km
inland from a land-terminating margin; and transect C extends about
30 km inland from the marine-terminating Alangordliup sermia.
Transects A and B slowed down during 2000–14 to attain velocities,
averaged along the transect, that were respectively 19% and 18% slower
in 2013–14 than during 1985–94 (Fig. 3a, b). Ice-motion characteristics
at the marine-terminating transect C were more complex (Fig. 3c). The
transect slowed on average from the mid-2000s to 2014, although ice
motion within 10 km of the margin sped up in the late 2000s following
earlier slowdown, and by 2013–14 was flowing up to about 50 m yr21

faster than during the 1985–94 reference period. Such behaviour is in
line with other tidewater glaciers that have recently accelerated5.

The slowdown signal across our predominantly land-terminating
region extends up to about 1,100 m.a.s.l. (Fig. 1), where the mean ice
thickness is roughly 850 m (ref. 24). The clear deceleration in ice
motion requires a decrease in rates of either internal ice deformation,
or basal motion, or both. Melting has caused marginal thinning of the
GIS25–27. During 1993–98, land-terminating glaciers on the west GIS
margin thinned by 0.02–0.23 m yr21 below 1,000 m.a.s.l. (ref. 25). Our
study area thinned by about 0.2 m yr21 during 2003–07 (ref. 26) and
this rate increased to 1–1.5 m yr21 during 2011–14 (ref. 27). We mod-
elled the velocity change that would be caused by 10–20 m of ice
thinning (and the associated gradient changes) along transect A over
the 1985–2014 study period (see Methods), corresponding to a max-
imum thinning rate of about 0.6 m yr21. The resulting change in driv-
ing stress can explain only around 17–33% of the observed overall 12%
slowdown signal beyond 10 km from the ice-sheet margin, and can
explain none of the slowdown beyond 50 km from the margin
(Extended Data Fig. 5c). Thus, while a component of the observed
slowdown can be explained by changes in driving stress through
ice thinning, the majority of the slowdown (that is, the remaining
67–83%) must be the result of processes operating at the ice–bed
interface that cause a reduction in basal motion.

Previous studies have suggested that the coupling between surface
melting and basal motion is self-regulating, such that there is no stat-
istically significant relationship between melting and ice motion over
annual timescales2,20. In agreement with these studies, we find no
relationship between annual melt volume and annual ice motion
(R2 5 0.08). There is, however, a significant relationship between ante-
cedent melt volumes and ice motion (Extended Data Table 1). The
mean melt volume from each observation period and the previous year
combined explain 23% of ice motion (P , 0.05), increasing to 44%
when the previous four years of melt are included. Moreover, melt
volumes explain 50% of ice motion when the mean melt volume is
calculated using only the previous three years’ data (P , 0.01).

We therefore suggest that sustained high production of surface
meltwater (Fig. 2a) is responsible for the slowdown. Observations from
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Figure 1 | Study area in the ablation zone of the western GIS. In the main
figure, the colour scale shows the percentage change in ice velocities during the
2007–14 reference period compared with the 1985–94 reference period (see
main text). Transects A, B and C correspond to data in Fig. 3. Ice surface
contours (pale grey lines) are from ref. 30. Grey shading denotes areas where ice
velocities cannot be resolved; green shading denotes land areas; light blue
shading denotes inland and coastal waters. Inset: a, percentage changes in ice
velocities in 4% bins; b, median percentage change in each 100-m elevation
band between 400 m.a.s.l. and 1,100 m.a.s.l., 61s (see Methods).
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Figure 2 | Surface melting and ice motion averaged over the study area.
a, Annual mean modelled surface melt (grey), smoothed with a five-year
moving mean (black), both in water equivalent (w.e.) m per year (see Methods).
b, Median ice velocities during each period (black boxes) calculated using the
common sampling pixels across the time series, 61s (see Methods). The width
of each box corresponds to the total timespan of the pairs of Landsat images
acquired during each period. The height of each box corresponds to 61s (see
Methods). Blue and red lines illustrate the trends in ice velocity computed by
segmented linear regression weighted by 1s. c, Altitudinal distribution of the
common sampling pixels used to compute the velocities in b.
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a mean diurnal fluctuation of approximately 95 6 47 m (about 17% of
overburden) during 2012 and minimum values (about 70% of over-
burden) well below the ice surface. In addition, hydraulic heads in
moulins 3 and 4 are synchronous, despite being located in different
supraglacial drainage basins and 1.5 km apart (Extended Data Table 2).
This similarity in hydraulic heads suggests pressure equalization within

an efficient system23 that connects these moulins at the bed3,4. Further,
numerical analysis supports the existence of subglacial channels in our
study area (Methods; Extended Data Fig. 3). During periods of steady
supraglacial input channel development via meltback may be limited;
however, observed melt-event perturbations temporarily increase chan-
nel volume, allowing greater transmission of water. From these observa-
tions, we infer that moulin hydraulic head reflects subglacial water pressure
within a moulin-connected channel system4,17,18, which appears to increase
in efficiency only over short timescales.

In contrast, our boreholes display high mean hydraulic head (close
to or above overburden) and low-amplitude diurnal variability (less than
25 m or ,5% of overburden). Borehole hydraulic heads are anti-correlated
with ice velocity (Fig. 3a, b; Extended Data Table 2). These systematic
differences between moulins and boreholes further suggest that moulins
connect to a channelized component of the drainage system, while bore-
holes monitor an isolated region of the bed unconnected to the chan-
nelized system17,18,21,22 (Methods).

Strong correlations between diurnal peaks in moulin hydraulic heads
and ice velocity suggest that pressure variability in the channelized drain-
age system reduces basal friction in an adjacent active but unchannelized
component of the hydraulic system and drives diurnal ice acceleration,
as observed in alpine glaciers14. However, on longer timescales the rela-
tionship between moulin hydraulic head and ice velocity is characterized
by hysteresis. In both 2011 and 2012, ice velocity decreases as the melt
season progresses, despite relatively constant moulin hydraulic heads
(Fig. 3c; Extended Data Fig. 4). Further, neither the minimum nor max-
imum daily moulin head decreases over the observation period, as would
be expected with increasing efficiency, suggesting that pressure decreases
in the efficient, channelized system do not control decreases in ice velo-
city during the latter portion of the melt season (Fig. 3d). Therefore, while
variability in moulin head appears to drive diurnal and multi-day velocity
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Figure 2 | Borehole and moulin hydraulic head and ice-surface velocity
during 2011 and 2012. a, 2011 hydraulic head measurements from the FOXX
moulin (blue), borehole 4 (red), borehole 6 (pink) and borehole 7 (dark red).
b, 2012 data from moulin 3 (navy) and moulin 4 (light blue). Borehole
colours are as in 2011 (a). c, 2011 GPS-derived ice velocity (black) and bed

separation (green) for FOXX. d, 2012 GPS-derived ice velocity for FOXX and
25N1 (grey) and bed separation for FOXX and 25N1 (light green). e, f, 6-h
averaged 2-m air temperature for 2011 and 2012. Grey bars in all panels
indicate periods identified as melt events.
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Figure 1 | Study area in the ablation zone of the western Greenland Ice
Sheet. a, Landsat-7 image of Sermeq Avannarleq. Ice-surface contours (marked
in metres; brown) are derived from the Greenland Ice Mapping Project (GIMP)
surface DEM29. Site symbols are indicated in the key. The black box
indicates the area in b. A 2012 Center for Remote Sensing of Ice Sheets (CReSIS)
flight line30 (green) provides the cross-section in c. b, 2009 Worldview-2 image
of the study area with site locations indicated. c, Bed and surface elevations
from radar depth sounding30. Moulin 3 (navy), FOXX (black) and 25N1 (grey)
are projected onto the flight line. Moulin 4 projects onto the FOXX location.
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began around 2002, and, despite interannual variability, there was a
robust overall trend of 21.5 m yr22 during 2002–14 (P , 0.01).
Meanwhile, we can divide surface meltwater production (Fig. 2a) into
three statistically significant periods (see Methods): a sustained ‘low’
melt of 2.1 water equivalent (w.e.) m yr21 during 1985–93; a rising
melt during 1993–2002; and a sustained high melt of 3.2 w.e. m yr21

during 2002–14, coincident with the slowdown in ice motion. Overall
there was a 49.8% rise in surface meltwater production across our
study area between 1985–94 and 2007–14.

We explored temporal variability in ice motion along three transects
(Fig. 1), selected to represent different ice-marginal conditions.
Transect A extends 80 km inland from the Nordenskjöld glacier, which
has a lacustrine-terminating margin; transect B extends about 30 km
inland from a land-terminating margin; and transect C extends about
30 km inland from the marine-terminating Alangordliup sermia.
Transects A and B slowed down during 2000–14 to attain velocities,
averaged along the transect, that were respectively 19% and 18% slower
in 2013–14 than during 1985–94 (Fig. 3a, b). Ice-motion characteristics
at the marine-terminating transect C were more complex (Fig. 3c). The
transect slowed on average from the mid-2000s to 2014, although ice
motion within 10 km of the margin sped up in the late 2000s following
earlier slowdown, and by 2013–14 was flowing up to about 50 m yr21

faster than during the 1985–94 reference period. Such behaviour is in
line with other tidewater glaciers that have recently accelerated5.

The slowdown signal across our predominantly land-terminating
region extends up to about 1,100 m.a.s.l. (Fig. 1), where the mean ice
thickness is roughly 850 m (ref. 24). The clear deceleration in ice
motion requires a decrease in rates of either internal ice deformation,
or basal motion, or both. Melting has caused marginal thinning of the
GIS25–27. During 1993–98, land-terminating glaciers on the west GIS
margin thinned by 0.02–0.23 m yr21 below 1,000 m.a.s.l. (ref. 25). Our
study area thinned by about 0.2 m yr21 during 2003–07 (ref. 26) and
this rate increased to 1–1.5 m yr21 during 2011–14 (ref. 27). We mod-
elled the velocity change that would be caused by 10–20 m of ice
thinning (and the associated gradient changes) along transect A over
the 1985–2014 study period (see Methods), corresponding to a max-
imum thinning rate of about 0.6 m yr21. The resulting change in driv-
ing stress can explain only around 17–33% of the observed overall 12%
slowdown signal beyond 10 km from the ice-sheet margin, and can
explain none of the slowdown beyond 50 km from the margin
(Extended Data Fig. 5c). Thus, while a component of the observed
slowdown can be explained by changes in driving stress through
ice thinning, the majority of the slowdown (that is, the remaining
67–83%) must be the result of processes operating at the ice–bed
interface that cause a reduction in basal motion.

Previous studies have suggested that the coupling between surface
melting and basal motion is self-regulating, such that there is no stat-
istically significant relationship between melting and ice motion over
annual timescales2,20. In agreement with these studies, we find no
relationship between annual melt volume and annual ice motion
(R2 5 0.08). There is, however, a significant relationship between ante-
cedent melt volumes and ice motion (Extended Data Table 1). The
mean melt volume from each observation period and the previous year
combined explain 23% of ice motion (P , 0.05), increasing to 44%
when the previous four years of melt are included. Moreover, melt
volumes explain 50% of ice motion when the mean melt volume is
calculated using only the previous three years’ data (P , 0.01).

We therefore suggest that sustained high production of surface
meltwater (Fig. 2a) is responsible for the slowdown. Observations from
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Figure 1 | Study area in the ablation zone of the western GIS. In the main
figure, the colour scale shows the percentage change in ice velocities during the
2007–14 reference period compared with the 1985–94 reference period (see
main text). Transects A, B and C correspond to data in Fig. 3. Ice surface
contours (pale grey lines) are from ref. 30. Grey shading denotes areas where ice
velocities cannot be resolved; green shading denotes land areas; light blue
shading denotes inland and coastal waters. Inset: a, percentage changes in ice
velocities in 4% bins; b, median percentage change in each 100-m elevation
band between 400 m.a.s.l. and 1,100 m.a.s.l., 61s (see Methods).
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Figure 2 | Surface melting and ice motion averaged over the study area.
a, Annual mean modelled surface melt (grey), smoothed with a five-year
moving mean (black), both in water equivalent (w.e.) m per year (see Methods).
b, Median ice velocities during each period (black boxes) calculated using the
common sampling pixels across the time series, 61s (see Methods). The width
of each box corresponds to the total timespan of the pairs of Landsat images
acquired during each period. The height of each box corresponds to 61s (see
Methods). Blue and red lines illustrate the trends in ice velocity computed by
segmented linear regression weighted by 1s. c, Altitudinal distribution of the
common sampling pixels used to compute the velocities in b.
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Tidewater glaciers

Ice discharge (calving + frontal melting) controls dynamic mass loss.

Primary control on discharge is ice depth at margin.
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Most rapid mass loss caused by retreat into over-deepening.

Such retreat is induced by a decrease in supply from upstream. 

Tidewater glaciers
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Ice margin evolution

calving + frontal melting
margin ice flux
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Global mass conservation
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s
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below the bed elevation to initiate an ice sheet again.
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The more common flow law used for ice is a power law rheology
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calving + frontal melting
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Global mass conservation
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s

e

below the bed elevation to initiate an ice sheet again.
Examples

a = �(x0 � x) (69)

In this case the steady solution is

x
m

= 2x0 h =
p

2h0(xm

� x)1/2 q = �

✓
x0 �

1

2
x

◆
x (70)

Stability follows from

p
2h0x

1/2
m

ẋ
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Conventional ice-sheet model

Mass conservation

Force balance (Stokes flow + sliding law) 

ice thickness
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1 Grounding lines
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Surface and basal elevations are given by s and b respectively, with ice thickness
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Mass conservation for incompressible fluid
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The more common flow law used for ice is a power law rheology
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In fact, it may be a reasonable approximation to take the friction law to be plastic,
that is
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Ice

Substrate

1 Grounding lines

Surface and basal elevations are given by s and b respectively, with ice thickness
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with stress free boundary conditions at upper surface, and either a no-slip condition
or a friction law at the bed b.

Ignoring the small vertical shear component, the vertical momentum equation
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Integrating the mass conservation equation over the depth of the ice with the kinetic
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1 Grounding lines
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Surface and basal elevations are given by s and b respectively, with ice thickness
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Mass conservation for incompressible fluid
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where a is net surface accumulation (negative for melting), and m is net basal melting
(positive for refreezing).
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with stress free boundary conditions at upper surface, and either a no-slip condition
or a friction law at the bed b.

Ignoring the small vertical shear component, the vertical momentum equation
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Plastic bed ice-sheet model

Mass conservation

Force balance 

ice velocity / flux

ice thickness

cf. plastic ice models (Nye 1951, Weertman 1961, 1976, Ultee & Bassis 2016)

e.g. flat bed

In fact, it may be a reasonable approximation to take the friction law to be plastic,
that is
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In this case the velocity is determined from the mass conservation equation; since the
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One dimensional glacier with an over-deepened bed

Ice volume and ice flux at margin depend on margin position:
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Impose a gradual increase of basal stress (hydrology-induced) induces retreat



0 y

50 y

100 y

150 y

200 y

60
80

100
120

Basal stress [kPa]

0

50

100

Margin position [km]

Time [y]
-100 0 100 200
0

0.5

1
Discharge [106 m2/y]

In contrast, a weakening bed results in initial advance, then retreat  - much lower 
cumulative discharge
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Ocean forcing
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Compare with strengthening bed:

very similar response
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Summary
Subglacial meltwater can both increase and decrease ice speeds.  The decrease 
may be the more significant for ice loss.

Conventional ice-sheet models are not yet equipped to investigate this.

Plastic-bed ice-sheet models provide a useful means to examine margin retreat - 
limited by re-distribution of ice mass rather than by ice rheology / sliding law.

Both an ocean-induced increase in calving rate and a hydrologically-induced 
decrease in upstream supply can precipitate rapid retreat.


