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Figure 1. (a) Flow speed of the Amundsen Sea Embayment (ASE) sector of West Antarctica, color coded on a logarithmic
scale and obtained combining satellite observations spanning from year 1996 to year 2013 with flux gates at the location
of the grounding lines in 2011 (thick black lines) [Rignot et al., 2011a] and topographic divides (thin black lines); and
(b) change in flow speed between 2008 and 1996 color coded on a logarithmic scale and overlaid on a MODIS mosaic.

the 2011 grounding-line positions. The flux is corrected to account for surface mass balance and ice thin-
ning between the flux gate and the 2011 grounding line. This process helps quantify errors in flux estimates.
When few gaps are present in the velocity record along flux gates (<30%), we employ ice velocity from the
closest year with no gap, which we adjust vertically at both ends of the missing segments and linearly inter-
polate in between. For years with more than 30% gap, we scale the ice flux to that measured in the closest
year with no gap.

Following Wingham et al. [2009], ice thinning is modeled as a parabolic trend: h(!) = h2004 − ḣ2004(! − 2004)
− 1

2
ḧ2004(!−2004)2, where h(!) is the ice thickness at a given year ! , h2004 is the ice thickness from BedMap-2

[Fretwell et al., 2013] in 2004, ḣ2004 is the thickening rate (>0 means thickening) deduced from 2003–2008
ICESat data calculated as in Pritchard et al. [2012] (see supporting information), and ḧ2004 is the acceleration
in thickening in 2004. Wingham et al. [2009] estimate ḧ2004 = −0.12 m/yr2 between 1995 and 2006 for Pine
Island Glacier, or about 7% of the 2004 thinning rate. For the other glaciers, we assume an acceleration in
ice thinning at the grounding line ḧ04 of 7% of ḣ04. This would mean that ice started thinning around 1988
with a quadratic increase since then. Thus, we neglect the glacier thinning that may have occurred during
the period 1973–1988 [Jenkins et al., 2010]. We have no information on thinning rates prior 1992, but they
were presumably smaller, because the glacier acceleration was less. Assuming a thinning rate of 1 m/yr, the
glaciers may have been 15 m thicker in 1973 than in 1988, which corresponds to an error of about 1% on the
ice flux.

The error in ice thickness is 40 m [Fretwell et al., 2013]. Estimates of flux error $F integrate errors in velocity
$V and thickness $H along flux gates as $F = H$V + V$H. When a scaling factor is used to estimate flux, the
associated error $F is calculated as $F = %$F0 + F0$%, where % is the scaling factor and F0 the scaled flux (see
supporting information). $% is taken as 0.05.

In 1996 and 2008, a nearly complete mapping of ice velocity over the northernmost reaches of the entire
ASE sector was possible. We detect the spatial pattern of change in ice velocity (Figure 1b). Comprehensive
mappings of velocity change are also available for 2009, 2010, and 2011. Velocity mapping is only partial
prior to 1996 or after 2011 due to a lack of data acquisition by satellites or the termination of satellite mis-
sions. In the upper reaches of Thwaites and Pine Island Glaciers, data coverage is incomplete due to sparse
data acquisitions, combined with low coherence levels attributed to significant reworking of the ice/snow
surface by weathering.
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27.3mg ofODAHDCN in 10ml of 0.5MH2SO4,
pH = 0); PHTs were insensitive to weak acids,
neutral water, and basic conditions (table S4).

The exceptional Young’s modulus of aromat-
ic PHTs, combined with the observed reversibil-
ity of the reaction in strongly acidic conditions,
makes the PHTs an unprecedented new class of
thermosets, as most high-modulus materials are
completely chemically inert and often very dif-
ficult, if not impossible, to rework or recycle. Given
their high stability toward organic solvents, ODA
PHTs could be used in environments where robust,
solvent-resistant materials are necessary; moreover,
they resist catastrophic failure associated with
environmental stress cracking (fig. S27). The acid-
promoted reversibility of ODAPHTswould allow
them to become the first thermosets that are easily
repolymerized or recycled. The ability to depo-
lymerize the fully cured PHTs opens numerous ap-
plications such as reworkable encapsulates (16),
which have been explored extensively for recovery
of high-value components such as in microelec-
tronics, although approaches commonly sacrifice
themechanical properties of the resin. This rework
can lead to substantial cost savings, as often in high-
value applications, thermoset components with
a single defect can result in the entire part being
scrapped because the intractability of traditional
thermosets prevents their removal to effect repairs.

PEG oligomers (4.2) were also studied for
their reactivity with paraformaldehyde. Although
PEG PHTs were not formed at high temperature,
PEGHDCNs (4.3) that formed at low temperature
exhibited properties that were markedly different
from those of the high-modulus ODA HDCNs
and PHTs. HDCNs based on oligomeric PEG
diamines formed elastic organogels with a melting
temperature (Tm) of ~49°C by DSC, that com-

pletely reverted back to their original starting
components in neutral water, which makes them
promising candidates for reversible covalent con-
structs for a wide variety of applications that re-
quire reversible assemblies such as materials for
cargo delivery. In addition to reversibility, PEG
HDCN organogels exhibited self-healing prop-
erties; images and a video of its self-healing
ability can be found in the supplementary mate-
rials (movie S1 and fig. S23). Previously reported
polymerizations attempting to form PHTs focused
on low-temperature reactions (50° to ~100°C) and
used soluble aliphatic diamine monomers, or tar-
geted PHTs, as reactive intermediates (17). These
intermediate aliphatic diamine-based homopoly-
mers were not extensively considered as useful
thermosets because they exhibited poor mechan-
ical properties (18).We believe, given the high rate
of the reaction to its gelling point (within minutes)
and difficulties we encountered to spectroscop-
ically characterize ODA PHTs and HDCNs, that at
these lower temperatures, low cross-link density,
low-modulus HDCNs were most likely formed.
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Marine Ice Sheet Collapse Potentially
Under Way for the Thwaites Glacier
Basin, West Antarctica
Ian Joughin, Benjamin E. Smith, Brooke Medley

Resting atop a deep marine basin, the West Antarctic Ice Sheet has long been considered prone
to instability. Using a numerical model, we investigated the sensitivity of Thwaites Glacier to
ocean melt and whether its unstable retreat is already under way. Our model reproduces observed
losses when forced with ocean melt comparable to estimates. Simulated losses are moderate
(<0.25 mm per year at sea level) over the 21st century but generally increase thereafter. Except
possibly for the lowest-melt scenario, the simulations indicate that early-stage collapse has
begun. Less certain is the time scale, with the onset of rapid (>1 mm per year of sea-level rise)
collapse in the different simulations within the range of 200 to 900 years.

Glaciers along the Amundsen Coast of
Antarctica are thinning (1, 2), producing
the majority of Antarctica’s contribution

to sea-level rise (3, 4). Much of this thinning is
probably a response to the increased presence of
warmmodified Circumpolar DeepWater (CDW)

on the adjacent continental shelf (5, 6), which is
melting and thinning the floating ice shelves that
buttress the ice sheet (7–9). Thinner ice shelves
are less able to restrain flow from the interior,
contributing to feedbacks that increase ice dis-
charge to the ocean (10–14). Thwaites andHaynes

Glaciers, which hereafter we refer to collective-
ly as Thwaites Glacier, produce just under half
(52 Gt/year in 2007) of the Amundsen Coast
losses (105 Gt/year in 2007) (3, 4, 15, 16), making
it one of the largest contributors to sea-level
change. This glacier and the immediately ad-
jacent and rapidly thinning Pine Island Glacier
(2, 3) were identified as potentially unstable sev-
eral decades ago (17).

The present Thwaites grounding line—the
location where ice reaches the ocean and goes
afloat—rests on a coastal sill ~600 m below sea
level (bsl) (Fig. 1) (18). At ~60 to 80 km farther
inland, this sill gives way to a deep (>1200m bsl)
marine basin, yielding the potential for marine
ice-sheet instability (13, 17, 19–21). Ice discharge
is nonlinearly proportional to grounding-line
thickness. Hence the potential for instability ex-
ists where the ice-sheet bed lies below sea level
and steepens toward the interior, so that an ini-
tial retreat into deeper water creates a feedback,

Polar Science Center, Applied Physics Lab, University of
Washington, 1013 NE 40th Street, Seattle, WA 98105–6698,
USA.
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destabilization of the Amundsen Basin
Johannes Feldmanna,b and Anders Levermanna,b,1

aPotsdam Institute for Climate Impact Research, 14473 Potsdam, Germany; and bInstitute of Physics, Potsdam University, 14476 Potsdam, Germany

Edited by Michael Oppenheimer, Princeton University, Princeton, NJ, and accepted by the Editorial Board October 6, 2015 (received for review June 25, 2015)

The future evolution of the Antarctic Ice Sheet represents the largest
uncertainty in sea-level projections of this and upcoming centuries.
Recently, satellite observations and high-resolution simulations have
suggested the initiation of an ice-sheet instability in the Amundsen
Sea sector of West Antarctica, caused by the last decades’ enhanced
basal ice-shelf melting. Whether this localized destabilization will
yield a full discharge of marine ice from West Antarctica, associated
with a global sea-level rise of more than 3 m, or whether the ice loss
is limited by ice dynamics and topographic features, is unclear. Here
we show that in the Parallel Ice Sheet Model, a local destabilization
causes a complete disintegration of the marine ice in West Antarc-
tica. In our simulations, at 5-km horizontal resolution, the region
disequilibrates after 60 y of currently observed melt rates. Thereaf-
ter, the marine ice-sheet instability fully unfolds and is not halted by
topographic features. In fact, the ice loss in Amundsen Sea sector
shifts the catchment’s ice divide toward the Filchner–Ronne and Ross
ice shelves, which initiates grounding-line retreat there. Our simula-
tions suggest that if a destabilization of Amundsen Sea sector has
indeed been initiated, Antarctica will irrevocably contribute at least
3 m to global sea-level rise during the coming centuries to millennia.

West Antarctic Ice Sheet | sea-level rise | tipping point | instability |
marine ice-sheet instability

The Antarctic Ice Sheet is losing mass at an accelerating rate,
and thus increasingly contributes to global sea-level rise (1,

2). To what extent this is caused by anthropogenic warming of
the atmosphere is unclear. The Amundsen Sea sector of West
Antarctica accounts for the largest part of the ice loss, mani-
festing in a speed-up, thinning, and retreat of tributaries such as
Pine Island Glacier and Thwaites Glacier during the last 4 de-
cades (3–5). Large portions of the West Antarctic Ice Sheet
(WAIS) are grounded on bedrock below sea level (6, 7). These
so-called marine parts of the ice sheet hold an ice volume that
would elevate global mean sea level by about 3.3 m (8). The bed
below this marine ice is generally down-sloping in the inland
direction. A grounding line (the line that separates the grounded
ice sheet from the floating ice shelf) that is located on such bed
has been shown to be potentially unstable (9, 10). The associated
marine ice-sheet instability (i.e., self-sustained ice-sheet retreat)
can be hindered by the buttressing of ice shelves, which has been
investigated in different modeling frameworks (11–14).
The recently inferred destabilization of the Amundsen Sea

sector coincides with an increase in the volume and temperature
of relatively warm circumpolar deep water that reaches into the
ice-shelf cavities in the Amundsen Sea (15, 16). The resulting
substantially enhanced sub-ice-shelf melting facilitated the retreat
of the grounding line of several tributaries onto the potentially
unstable down-sloping bed section. Complex, high-resolution re-
gional modeling studies (17, 18) confined to the Pine Island and
Thwaites catchments, respectively, concluded that the retreat of
the ice is likely to continue in the near future. The findings are
supported by observations that indicate ongoing destabilization (3),
including the possibility of a developing marine ice-sheet instability
(4). These state-of-the-art regional simulations need to be com-
plemented by simulations of the long-term evolution of the region
to deduce implications for the interior region of the WAIS.

Here we provide such simulations and investigate the response of
the WAIS to a destabilization of the Amundsen Sea sector in ice-
dynamical simulations with the Parallel Ice Sheet Model (PISM).
Previous numerical simulations with PISM showed an ocean-trig-
gered destabilization of a basin of marine ice in the Wilkes basin of
East Antarctica (19), but no instability in the catchment of the
Filchner–Ronne Ice Shelf (20), even for strong projected ocean
warming (21). Simulations provided here cover the whole WAIS
and allow for an examination of the long-term evolution of the
WAIS and its associated sea-level contribution, respectively.

Results and Discussion
Our thermomechanically coupled, 3D, ice-sheet model (22, 23)
(Methods) applies a superposition of the shallow-ice and the shallow-
shelf approximation (24) of the stress balance that ensures a
smooth transition between the different flow regimes of an ice
sheet, ranging from bed-frozen inland ice to well-lubricated, fast-
flowing ice streams and freely floating ice shelves. Stress trans-
mission across the grounding line allows for the effect of ice-shelf
buttressing. The grounding line is free to evolve, and a reversible
grounding-line motion that is comparable to results from full-
Stokes simulations was demonstrated in the Marine Ice Sheet
Model Intercomparison Project for plan-view models for hori-
zontal resolutions of 5 km and finer (25).

Initialization of the Simulations and Model Performance. The result
of this study is an if–then statement, saying that if the Amundsen Sea
Sector is destabilized, then the entire marine part of West Antarctica
will be discharged into the ocean. To this end, we spin up our model,
using present-day initial ice and bed topography under present-
day constant atmosphere conditions and 20th-century sub-ice-shelf

Significance

The Antarctic Ice Sheet is losing mass at an accelerating rate,
and playing a more important role in terms of global sea-level
rise. The Amundsen Sea sector of West Antarctica has most
likely been destabilized. Although previous numerical model-
ing studies examined the short-term future evolution of this
region, here we take the next step and simulate the long-term
evolution of the whole West Antarctic Ice Sheet. Our results
show that if the Amundsen Sea sector is destabilized, then the
entire marine ice sheet will discharge into the ocean, causing a
global sea-level rise of about 3 m. We thus might be witnessing
the beginning of a period of self-sustained ice discharge from
West Antarctica that requires long-term global adaptation of
coastal protection.
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Ice near the margins has accelerated substantially over the last decade

culled, iteratively, to minimize their impact on each solution, and a correction is then applied to account for
temporal fluctuations in backscatter that cause spurious fluctuations in range [Davis and Ferguson, 2004;
Khvorostovsky, 2012; Wingham et al., 1998]. After editing the resulting trends to remove 14,098 poorly
constrained solutions, we obtain 455,403 independent estimates of elevation change distributed across
96% of the grounded Antarctic ice sheet (Figure 1), with an effective average temporal resolution of
60 days. We compute the uncertainty of area-averaged elevation trends from the root-sum-square of the
uncertainties determined from contributing model fits (see supporting information), as errors associated
with altimeter elevation measurements have been shown to rapidly decorrelate with increasing spatial
separation [Wingham et al., 1998].

We assessed the degree to which the CryoSat-2 orbit pattern and interferometric mode of operation provide
improved detection of ice sheet elevation changes relative to past altimeters. The data (Figure 1) show
several geographically isolated regions of surface uplift and lowering interspersed with wide areas of no
overall change, and, altogether, their extent is a significant improvement on that afforded by earlier
missions [Pritchard et al., 2009; Wingham et al., 1998]. For example, the region of unsurveyed ice at the
South Pole is now only 147,725 km2 in area !1.2% of the grounded ice sheet and 18 and 4 times smaller

Figure 1. Rate of elevation change of the Antarctic ice sheet between 2010 and 2013 determined from CryoSat-2 repeat altimetry and smoothed with a 25 by 25 km
median filter. Solid grey and white (inset) lines show the boundaries of 27 ice sheet drainage basins [Zwally et al., 2012]. The CryoSat measurements reach to within
215 km of the South Pole, as compared to 930 and 430 km for the ERS/Envisat and ICESat altimeters, respectively. Also shown (inset) are the numbers used to
identify ice sheet drainage basins, with East Antarctica and the Antarctic Peninsula defined as basins 2 to 17 and 24 to 27, respectively, and West Antarctica
defined as the remaining basins and the mask developed (see supporting information) to identify elevation changes occurring at the density of ice (inset, black
regions). Elsewhere, we assume that elevation changes are caused by fluctuations in surface mass balance alone, and we therefore applied a density of snow
to these signals (inset, grey regions). Ice dynamical imbalance (IDI) is evident as thickening of the Kamb Ice Stream (basin 18) and as widespread thinning across the
Amundsen Sea sector (basins 21 and 22), with the latter signal affecting a considerably larger area than at any time in the past two decades [Shepherd et al., 2002,
2004; Wingham et al., 2009].
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Figure 1
(Top panel) Surface velocities in Antarctica, generated from the data set in Rignot et al. (2011). Part of the domain shown consists of
floating ice. Clearly visible is the channelized structure of ice-stream flow. (Bottom panels) Cross sections of Antarctica, as shown by the
lines BB′ and CC′ in the map. The ice-sheet bed in West Antarctica is mostly below sea level. Cross-sectional images courtesy of Peter
Fretwell, British Antarctic Survey, based on the data set described in Lythe et al. (2001). Abbreviation: MSL, mean sea level.

2. ICE FLOW
Most models for ice flow assume a relatively simple rheology with a strain-rate-dependent viscosity.
We let u = (u1, u2, u3) = (u, v, w) be the velocity field in the ice relative to a Cartesian coordinate
system (x1, x2, x3) = (x, y, z), with σij and τij denoting the stress tensor and its deviatoric part, linked
through σij = τij − pδij, with p = −σkk/3, where we have applied the summation convention. Ice is
generally treated as incompressible with (under terrestrial conditions) inconsequential variations
in density owing to temperature and impurities:

∇ · u = 0. (1)
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2. ICE FLOW
Most models for ice flow assume a relatively simple rheology with a strain-rate-dependent viscosity.
We let u = (u1, u2, u3) = (u, v, w) be the velocity field in the ice relative to a Cartesian coordinate
system (x1, x2, x3) = (x, y, z), with σij and τij denoting the stress tensor and its deviatoric part, linked
through σij = τij − pδij, with p = −σkk/3, where we have applied the summation convention. Ice is
generally treated as incompressible with (under terrestrial conditions) inconsequential variations
in density owing to temperature and impurities:
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Sea level

For every deglaciation event/pulse in the past 500 kyr, we
compare relative ice volume at the start of each event/pulse with
the maximum sea-level rise rates per event/pulse (Fig. 3b,
Fig. 4a,b). We also include values for meltwater pulse (MWP)
1a (4.6±0.6 m per century (m cy! 1), based on U/Th-dated corals
from offshore Tahiti)32, which was a well-documented, rapid sea-
level rise during the last deglaciation. Our data suggest that, for
both ‘event’ and ‘pulse’ scenarios, natural rise rates do not exceed
B2 m cy! 1 and are mostly r1 m cy! 1 for ice volumes up to
about twice as large as present-day values (Fig. 4a,b). For larger
ice volumes, substantially higher rise rates may be attained. The
highest value (4.0–5.7 m cy! 1 at 95% confidence limits)
corresponds to termination 4 (T4) at B334 kyr (Fig. 3b). In
comparison, MWP-1a is not exceptional, especially in view of the
0.5-kyr smoothing in our method.

Further insight is gained by considering the lag between
the onset of sea-level rise and the time of peak rise rates, for
both deglaciation ‘events’ (Fig. 4c) and ‘pulses’ (Fig. 4d)
(Supplementary Table 4). In both cases, longer (shorter) lags
tend to be associated with higher (lower) sea-level rise rates, but
this is not always the case. Our data also show that while
‘ramping up’ periods–from the start of deglaciation to maximum

melting–may last for several millennia (up to B8 kyr, excluding
the less reliable value for T1), they may also be considerably
shorter (for example, B3 kyr for T2; Fig. 4c). Furthermore, a
large proportion (85%) of all melting episodes reaches maximum
sea-level rise rates within 1.5 kyr (Fig. 4c), and the final melting
‘pulse’ within a deglaciation episode is rapid relative to the
ramping up period (r0.6 and r1.1 kyr lag for 85 and 95% of
cases, respectively; Fig. 4d; Supplementary Table 4). Such
observations provide important constraints for validating
model-based assessments of ice-volume variability.

Clearly, our observations of sea-level rise rates depend on the
smoothing function applied to each RSL realization. However, as
explained above, if smoothing is too low/high our conclusions
will not be robust. Nevertheless, for completeness, we repeated
our sea-level rise analyses for 250, 375, 750, 1,000 and 2,000-year
smoothings (Supplementary Figs 15–17). A straightforward
comparison of sea-level rise rates at glacial terminations, based
on different smoothings (Supplementary Fig. 18), shows that the
2,000-year smoothing fails to capture real variations between
termination rise rates (Supplementary Fig. 15). Considering,
therefore, the 250! 1,000-year smoothings, we find that our
ice-volume ‘threshold’ observation (that is, natural rise rates do
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Figure 3 | Sea-level and orbital time series with simulated Asian monsoon records. (a) Red Sea RSL record (from Fig. 2) (probability maximum,
blue; 95% confidence interval of the RSL dataset, light grey). (b) Rates of RSL change (dRSL, blue; ±2s, grey) with marked points of Fig. 4 dRSL data
(yellow dots) and MWP-1a (green dot). (c) Eccentricity (E, dashed), precession (P, hairline) and obliquity (O, solid)56. (d) d18Osanbao (grey) and
MLR simulation of d18Osanbao (red). (e) Grain-size record from the Chinese Loess Plateau (MGSQ, grey34) and MLR simulation of MGSQ (black).
(f) Antarctic temperature (green20, purple26). Vertical dashed lines indicate peak sea-level rise rates at glacial terminations.
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The glacial period is punctuated by several periods of rapid sea level rise (~1m/century)
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The Greenland and Antarctic ice sheets contain ice equivalent to around 65m sea level 

Observations show rapid changes in ice dynamics can occur 

What mechanisms cause massive ice loss, and how rapid?



Basal sediments

This talk: Explore the dynamics of an ice sheet with a perfectly plastic bed 

Laboratory experiments on till samples suggest 
very weak dependence of stress on strain rate

Shear strength depends on effective pressure 
(i.e. on pore pressure)

for m ⌧ 1
Ideally we should take the yield stress to depend on e↵ective pressure (total pres-

sure - pore-fluid pressure)
⌧0 = c+N tan� (50)

⌧0 = c+ p

e

tan� (51)

For a layer of viscous till that deforms over a depth d, the friction law would be

⌧

b

=
⌘

s

d

s

u (52)

In this case the approximate stress balance

⌧0 = �⇢

i

gh

@s

@x

(53)

does not determine velocity u but determines the shape of the ice sheet. For a given
bed elevation b(x), and assuming deformation of the bed, we have ice thickness h
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In this case the velocity is determined from the mass conservation equation; since the
shape is controlled by force balance, the ice must evolve (e↵ectively instantaneously)
to accommodate whatever climate forcing it receives. In particular, the ice flux is
determined from
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Integrating the mass conservation equation over the length of the ice sheet
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in the case that the ice thickness and therefore flux go to zero at the margin. For a
steady state, it must be the case that the net accumulation over the area of the ice

4

pore-water pressure that lead to stress–strain behavior
dependent on initial porosity (Fig. 1). Thus, if basal till is
perturbed by smaller strains than those required of the
critical state, such as by propagation of microearthquake
waves (Anandakrishnan and Alley, 1997), flow-law inter-
pretations (e.g. Alley, 2000) are inherently more difficult.
Some rheological models can accommodate both transient
deformation and deformation in the critical state. For
example, the Disturbed-State model of Sane and others
(2008) describes the transition from a ‘relative-intact’ state to
a ‘fully-adjusted’ state, in which material microstructure
reaches a dynamic steady state comparable to the critical
state. The model uses a disturbance function that describes
the fraction of the till mass that evolves from the intact to the
adjusted state as strain accrues. Sane and others (2008; see
their figs 9 and 10) demonstrate that their model, which
carries the liability of requiring measurement or estimation
of 16 material parameters, can accurately predict till stress–
strain behavior up to strains of 0.4, sufficient to be near or
at the critical state.

Data from laboratory experiments conducted to compar-
able or larger strains provide the least uncertain assessment
of controls on critical-state till shear resistance (Clarke,
2005), which is most relevant to large strains expected
subglacially (Kamb, 1991). Despite being conducted with
diverse soil-deformation devices (triaxial, ring-shear and
double-direct shear), these experiments uniformly indicate
that till ultimate strength is highly insensitive to strain rate

(Fig. 2a). Ultimate strength, normalized by effective pres-
sure, tends to mildly increase or decrease linearly with the
logarithm of strain rate or be essentially independent of it. In
cases in which till strengthens with strain rate, fitted values
of n are very large (n!75 (Kamb, 1991), n>60 (Rathbun
and others, 2008)), indicating essentially plastic behavior.

The need to invoke such large n values, as well as the
rate-weakening tendency of some tills, indicates that power-
law rules predicated on fluid rheological behavior of till
poorly characterize steady-state till deformation. It follows
that till effective viscosity cannot be measured or estimated
meaningfully, despite efforts to simplify conditions in the
laboratory. Therefore, models that invoke till viscosity, either
to calculate it from field measurements (see reviews by
Murray, 1997; Cuffey and Paterson, 2010) or to use it as a
foundation for hypothesis testing, are of a class criticized as
‘floating models’ (Savage, 1998; Iverson, 2003). Such
models are moored to parameters that are not measurable
outside the context of the model formulation and hence
have uncertain physical relevance.

In contrast, Coulomb behavior, as indicated by a linear
dependence of till ultimate strength on effective pressure, is
well supported by these same experimental studies (Fig. 2b).
Internal friction angles in the critical state are 17–288.
Ultimate strength is roughly two orders of magnitude more
sensitive to effective pressure than to strain rate.

Thus, laboratory experiments indicate that Coulomb
plasticity is a good idealization for tills (Clarke, 2005; Cuffey
and Paterson, 2010). With the exception of the study of
Boulton and Hindmarsh (1987), for which methodological
questions have been raised (Hooke and others, 1997), field
measurements generally reinforce this viewpoint (Hooke and
others, 1997; Truffer and others, 2001; Kavanaugh and
Clarke, 2006; Tulaczyk, 2006). An important implication is
that driving stress can exceed the ultimate strength of till if it
is weakened sufficiently by high pore-water pressure. Thus,
sources of viscous deformation resistance must be active for
stable flow of soft-bedded glaciers. In the case of ice streams,
their margins (Whillans and Van der Veen 1997; Tulaczyk
and others, 2000b; Raymond and others, 2001), sticky spots
(Alley, 1993; MacAyeal and others, 1995; Stokes and others,
2007) and ice shelves (e.g. Price and others, 2002) help
provide the necessary resistance.

Pseudo-viscous creep?

Although the critical state is the appropriate reference state
for characterizing the shear resistance of subglacial till, it
will not always be at its critical-state porosity and strength.
On the one hand, if bed deformation contributes signifi-
cantly to glacier flow and sediment transport, till should
commonly be deformed sufficiently to attain the relatively
small strains required of the critical state. On the other hand,
effective pressure is not steady subglacially – even beneath
some ice streams with no surface water input to the bed
(Engelhardt and Kamb, 1997) – and this variability can result
in episodic bed deformation (Blake and others, 1994;
Iverson and others, 1995, 1999, 2007; Fischer and Clarke,
1997; Truffer and Harrison, 2006). If, for example, effective
pressure increases and then decreases on a till initially at its
critical state porosity, the till will consolidate and then swell;
swelling, however, will typically be only a small fraction
(!0.2) of consolidation because grain rearrangement during
consolidation is largely irreversible (e.g. Clarke, 1987b,
2005). The till will thus be left less porous than in the critical

Fig. 2. (a) Till ultimate strength normalized by effective pressure, as
a function of shear strain rate, from regressions of laboratory data
for seven tills. Shear strain rates from ring-shear experiments were
calculated by dividing shear rate by a measured (Iverson and others,
1998) or estimated (Tika and others, 1996) shear-zone thickness.
(b) Till ultimate strength as a function of effective pressure for five of
the seven tills in (a). Tests on the Cowden till and Lower Cromer till
were conducted at an insufficient number of effective pressures to
obtain a relationship.

Iverson: Shear resistance and continuity of subglacial till1106

Iverson 2010

Most fast-moving ice is thought to be underlain by 
water-saturated sediments
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A simple ice-sheet model

1 Grounding lines

Surface and basal elevations are given by s and b respectively, with ice thickness

z = b(x) z = s(x, t) h(x, t) = s� b (1)

h = s� b (2)

Mass conservation for incompressible fluid
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where a is net surface accumulation (negative for melting), and m is net basal melting
(positive for refreezing).
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with stress free boundary conditions at upper surface, and either a no-slip condition
or a friction law at the bed b.

Ignoring the small vertical shear component, the vertical momentum equation
imply that the vertical stress is hydrostatic
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Integrating the mass conservation equation over the depth of the ice with the kinetic
boundary conditions gives
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Mass conservation

Ice flux

Force balance and boundary conditions (Stokes flow) 

1 Grounding lines

Surface and basal elevations are given by s and b respectively, with ice thickness
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or a friction law at the bed b.
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Net accumulation - melting (climate forcing)

The more common flow law used for ice is a power law rheology
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In fact, it may be a reasonable approximation to take the friction law to be plastic,
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Sliding at the bed
The fastest motion occurs as a plug flow
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The more common flow law used for ice is a power law rheology
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Two mechanisms for sliding -

- a thin film of water between ice and bedrock

- lubrication by a layer of underlying water-saturated sediments (viscous)
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In many cases a good approximation of the horizontal momentum equation is to
ignore the extensional stresses, from which we have
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The more common flow law used for ice is a power law rheology
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In some cases
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is dominated by sliding at the bed, and the internal shearing of the ice has only a
small e↵ect. In this case
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In fact, it may be a reasonable approximation to take the friction law to be plastic,
that is

⌧  ⌧0 u = 0 or ⌧ = ⌧0 u � 0 (30)
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for small m. For a layer of viscous till that deforms over a depth d, the friction law
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In this case the approximate stress balance
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does not determine velocity u but determines the shape of the ice sheet. For a given
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In this case the velocity is determined from the mass conservation equation; since the
shape is controlled by force balance, the ice must evolve (e↵ectively instantaneously)
to accommodate whatever climate forcing it receives. In particular, the ice flux is
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We return to this case below.
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The more common flow law used for ice is a power law rheology
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In some cases
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From force balance
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In many cases a good approximation of the horizontal momentum equation is to
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The more common flow law used for ice is a power law rheology
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In some cases

u(x, z, t) ⇡ u(x, t) ⇡ u(x, t) (28)

is dominated by sliding at the bed, and the internal shearing of the ice has only a
small e↵ect. In this case

⌧

xx

⇡ 2⌘
i

@u

@x

(29)

2

Combining with mass conservation gives a diffusion equation for ice thickness

Nye 1969



Plastic bed modelIn fact, it may be a reasonable approximation to take the friction law to be plastic,
that is
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bed elevation b(x), we have ice thickness h satisfying
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In this case the velocity is determined from the mass conservation equation; since the
shape is controlled by force balance, the ice must evolve (e↵ectively instantaneously)
to accommodate whatever climate forcing it receives. In particular, the ice flux is
determined from
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Integrating the mass conservation equation over the length of the ice sheet
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We return to this case below.
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ẋ

m

= �

✓
2

3

p
2h0 x

3/2
m

� s

e

x

m

◆
(72)

The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s

e

below the bed elevation to initiate an ice sheet again.
Examples

a = �(x0 � x) (73)

In this case the steady solution is

x

m

= 2x0 h =
p
2h0(xm

� x)1/2 q = �

✓
x0 �

1

2
x

◆
x (74)

Stability follows from

p
2h0x

1/2
m

ẋ
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s

e

below the bed elevation to initiate an ice sheet again.
Examples
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ẋ

m

= �

✓
x0 �

1

2
x

m

◆
x

m

(70)

where x

m

= 2x0 is a stable state and x

m

is unstable.

a = �(s� s0) (71)

For Newtonian ice and a plastic bed with yield stress ⌧
b

= ⌧0,

@

@x

✓
4⌘

i

h

@u

@x

◆
� ⌧0 � ⇢

i

gh

@s

@x

= 0 (72)

@h

@t

+
@q

@x

= a (73)

q = hu (74)

At the margin x

m

4⌘
i

h

@u

@x

=
1

2
(⇢

i

gh

2 � ⇢

w

gb

2) (75)

5

Position-dependent accumulation

It is common to use a friction law of the form
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In fact, it may be a reasonable approximation to take the friction law to be plastic,
that is
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For a layer of viscous till that deforms over a depth d, the friction law would be
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does not determine velocity u but determines the shape of the ice sheet. For a given
bed elevation b(x), and assuming deformation of the bed, we have ice thickness h
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For the specific case of a flat bed b(x) = 0, we have
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In this case the velocity is determined from the mass conservation equation; since the
shape is controlled by force balance, the ice must evolve (e↵ectively instantaneously)
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s

e

below the bed elevation to initiate an ice sheet again.
Examples
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
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The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s
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ẋ

m

= �

✓
2

3

p
2h0 x

3/2
m

� s0xm

◆
(72)

so there is a steady state with

x

m

=
9

8

s

2
0

h0
(73)

or
For Newtonian ice and a plastic bed with yield stress ⌧

b

= ⌧0,

@

@x

✓
4⌘

i

h

@u

@x

◆
� ⌧0 � ⇢

i

gh

@s

@x

= 0 (74)

5

Elevation-dependent accumulationEg.

Example

Unstable steady state

First, consider the case of a flat bed b(x) = 0, when

h =
p
2h

1/2
0 (x

m

� x)1/2 h0 =
⌧0

⇢

i

g

(62)

If we have elevation dependent net accumulation a(s) = �(s � s

e

), the total net
accumulation is

2

3

p
2h

1/2
0 x

3/2
m

� s

e

x

m

(63)

so there is a steady state with

x

m

=
9

8

⇢

i

g

⌧0
s

2
e

(64)

or

x

m

=
9

8h0
s

2
e

(65)

However, this state is unstable, since the corresponding volume is

V =
2

3

p
2h

1/2
0 x

3/2
m

(66)

and the mass conservation equation therefore reads

p
2h0x

1/2
m

ẋ

m

= �

✓
2

3

p
2h0 x

3/2
m

� s

e

x

m

◆
(67)

The steady state is unstable. Either the ice sheet grows forever, or it shrinks to zero
size, which is a stable steady state. In this case it would require climate conditions
to reduce s
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It is common to use a friction law of the form
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In fact, it may be a reasonable approximation to take the friction law to be plastic,
that is
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For a layer of viscous till that deforms over a depth d, the friction law would be
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In this case the approximate stress balance

⌧0 = �⇢

i

gh

@s

@x

(37)

does not determine velocity u but determines the shape of the ice sheet. For a given
bed elevation b(x), and assuming deformation of the bed, we have ice thickness h
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For the specific case of a flat bed b(x) = 0, we have
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In this case the velocity is determined from the mass conservation equation; since the
shape is controlled by force balance, the ice must evolve (e↵ectively instantaneously)
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ẋ

m

= q

c

(83)

where q

c

is the flux of ice into the ocean, a combination of calving and melting.
Here we argue

q

m

� h

m

ẋ
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calving rate (includes ocean-driven melting)

Some models for calving prescribe a ‘rate’
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Surface and basal elevations are given by s and b respectively, with ice thickness
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Boundary conditions

flotation condition

Non-dimensional equations



Numerical solutions
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Steady states for constant accumulation

So define
HU = Q (113)

where Q = q
m

will be the flux at the grounding line (and is approximately constant
within this boundary layer). We can then write the force balance as a first order
system

U
X

= �V (114)
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4Q
+

Q

4U2
V � V 2

U
(115)

with boundary conditions
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at X = 0 (116)

and, for matching to the outer solution,

U ! 0 V ! 0 as X ! 1 (117)

Alternative conditions for the case of a non-floating margin
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This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
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Margin boundary layer

Here we argue
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) is determined from the local horizontal force balance in the ice near
the margin.
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So define

HU = Q (113)

where Q = q
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will be the flux at the grounding line (and is approximately constant
within this boundary layer). We can then write the force balance as a first order
system
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U ! 0 V ! 0 as X ! 1 (117)

Alternative conditions for the case of a non-floating margin
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This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
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Reduced model
Away from the margin, ignore longitudinal stress
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HU = Q (113)
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system

U
X

= �V (114)

V
X

= �⌧⇤U

4Q
+

Q

4U2
V � V 2

U
(115)

with boundary conditions

U =
Q

H
f

V =
1

8
(1� 1/r)H

f

at X = 0 (116)

and, for matching to the outer solution,

U ! 0 V ! 0 as X ! 1 (117)

Alternative conditions for the case of a non-floating margin

U =
Q

H
m

V =
1

8
H

m

✓
1� 1

r

H2
f

H2
m

◆
(118)

This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
point at the origin, which determines

Q = Q
m

(H
f

) ⇡ (1� 1/r)

8⌧⇤
H4

f

(119)

a = 0.1 a = 1 a = 2 (120)

Using further approximations

1� 1/r ⌧ 1 (121)

we find

Q
m

=
(1� 1/r)

8⌧⇤
H4

f

(122)

In dimensional form

Q
m

=
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(123)

The outer problem away from the margin is

�⌧⇤ � h
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= 0 (124)

@h
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+

@q
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= a (125)

h = h
f

at x = x
m

(126)

In fact, it is only strictly consistent to assume that b(x) = O("1/4), and h
f

=
"1/4H

f

, so the leading order problem is

�⌧⇤ � h
@h
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= 0 (127)
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+
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= a (128)

h = 0 at x = x
m

(129)

Hence
h =

p
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� x)1/2 (130)

and integrating the mass equation gives
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Z
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a dx�Q
m

(H
f

(x
m

)) (131)

More generally, for thickness above flotation
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So, if calving q
c

is prescribed, we could write as

h
m

ẋ
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m
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f

)� q
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(135)
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ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(137)

References

[1] Schoof, C. 2007 Marine ice sheet dynamics. Part 1. The case of rapid sliding J.
Fluid Mech. 573, 27-55, do:10.1017/S0022112006003570

9

and
h
f

= "1/4H
f

(128)

so the leading order problem is

�⌧⇤ � h
@h

@x
= 0 (129)

@h

@t
+

@q

@x
= a (130)

h = 0 at x = x
m

(131)

Hence
h =

p
2⌧⇤(xm

� x)1/2 (132)

and integrating the mass equation gives

p
2⌧⇤x

1/2
m

ẋ
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Integrating mass conservation

Distance, x
0 0.5 1 1.5 2

Fl
ux

, q

0

0.5

1

1.5

2

and
h
f

= "1/4H
f

(128)

so the leading order problem is

�⌧⇤ � h
@h

@x
= 0 (129)

@h

@t
+

@q

@x
= a (130)

h = 0 at x = x
m

(131)

Hence
h =

p
2⌧⇤(xm

� x)1/2 (132)

and integrating the mass equation gives

p
2⌧⇤x

1/2
m

ẋ
m

=

Z
xm

0

a dx�Q
m

(H
f

(x
m

)) (133)

More generally, for thickness above flotation

Q
m
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f

) =
⇢2
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g2
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o
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(⇢

o

h2
m

� ⇢
i

h2
f

)h2
m

(134)

or
q
m

= Q
m

(h
m

, h
f

) (135)
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m
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f

) =
(⇢

o

� ⇢
i

)⇢2
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g2
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o

⌘
i
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f
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1� 1/r
f =
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So, if calving q
c

is prescribed, we could write as

h
m

ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(137)

Q
m

(H
f

(x))

Z
x

0

a dx (138)
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Multiple steady states depending on bed slope 
(analogous to grounding lines, Schoof 2007)



More about calving

The boundary layer analysis can be generalised to find

The role of calving in this model was to evacuate ice delivered to the margin

If the processes responsible for calving cannot keep up, 
a floating ice shelf will form

But if calving is more efficient, it may result in margin 
thickness above flotation

So define
HU = Q (113)

where Q = q
m

will be the flux at the grounding line (and is approximately constant
within this boundary layer). We can then write the force balance as a first order
system

U
X

= �V (114)

V
X

= �⌧⇤U

4Q
+

Q

4U2
V � V 2

U
(115)

with boundary conditions

U =
Q

H
f

V =
1

8
(1� 1/r)H

f

at X = 0 (116)

and, for matching to the outer solution,

U ! 0 V ! 0 as X ! 1 (117)

Alternative conditions for the case of a non-floating margin

U =
Q

H
m

V =
1

8
H

m

✓
1� 1

r

H2
r

H2
m

◆
(118)

This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
point at the origin, which determines

Q = Q
m

(H
f

) ⇡ (1� 1/r)

8⌧⇤
H4

f

(119)

a = 0.1 a = 1 a = 2 (120)

Using further approximations

1� 1/r ⌧ 1 (121)

we find

Q
m

=
(1� 1/r)

8⌧⇤
H4

f

(122)

In dimensional form

Q
m

=
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(123)

More generally, for thickness above flotation

Q
m

(h
m

, h
f

) =
⇢2
i

g2

8⇢
o

⌘
i

⌧0
(⇢

o

h2
m

� ⇢
i

h2
f

)h2
m

(124)

or

Q
m

(h
m

, h
f

) =
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(f 2 � 1/r)f 2

1� 1/r
f =

h
m

h
r

(125)

So, if calving q
c

is prescribed, we could write as

h
m

ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(126)
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Replace flotation condition with

Here we argue
q
m

� h
m

ẋ
m

= Q(h
m

, h
f

) (96)

where Q(h
m

, h
f

) is determined from the local horizontal force balance in the ice near
the margin.

After scaling

"
@

@x

✓
4h

@u

@x

◆
� ⌧⇤ � h

@(b+ h)

@x
= 0 (97)

@h

@t
+

@q

@x
= a (98)

At x = 0
q = 0 at x = 0 (99)

At the margin x = x
m

(t)

"4h
@u

@x
=

1

2
(h2 � h2

f

/r) at x = x
m

(t) (100)

h = h
f

at x = x
m

(101)

q
m

� h
m

ẋ
m

= q
c

(102)

h
m

ẋ
m

= q
m

� q
c

(103)

Here we have scaled

a ⇠ [a], x ⇠ [x], z ⇠ [z], h ⇠ [z], ⌧ ⇠ [⌧ ] =
⇢
i

g[z]2

[x]
, q ⇠ [a][x], u ⇠ [u] = [q]/[h], t ⇠ [x]/[u],

(104)
⌧⇤ = 1 (105)

⌧⇤ =
⌧0
[⌧ ]

(106)

" =
⌘
i

[a]

[⌧ ][x]
⌧ 1 (107)

r =
⇢
o

⇢
i

⇡ 1.1 (108)

Typically, we choose the [z] scale so as to make ⌧⇤ = 1, and find " ⌧ 1
For the boundary layer problem, scale

h = "1/4H u = "�1/4U x
m

(t)� x = "1/2X (109)

The leading order equations become

@

@X

✓
4H

@U

@X

◆
� ⌧⇤ +H

@H

@X
= 0 (110)

@

@X
(HU) = 0 (111)

with boundary conditions

H = H
f

4H
@U

@X
=

1

2
(1� 1/r)H2

f

at X = 0 (112)

H
f

= "�1/4rb(x
m

) (113)

7

So define
HU = Q (114)

where Q = q
m

will be the flux at the grounding line (and is approximately constant
within this boundary layer). We can then write the force balance as a first order
system

U
X

= �V (115)

V
X

= �⌧⇤U

4Q
+

Q

4U2
V � V 2

U
(116)

with boundary conditions

U =
Q

H
f

V =
1

8
(1� 1/r)H

f

at X = 0 (117)

and, for matching to the outer solution,

U ! 0 V ! 0 as X ! 1 (118)

Alternative conditions for the case of a non-floating margin

U =
Q

H
m

V =
1

8
H

m

✓
1� 1

r

H2
r

H2
m

◆
(119)

This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
point at the origin, which determines

Q = Q
m

(H
f

) ⇡ (1� 1/r)

8⌧⇤
H4

f

(120)

a = 0.1 a = 1 a = 2 (121)

Using further approximations

1� 1/r ⌧ 1 (122)

we find

Q
m

=
(1� 1/r)

8⌧⇤
H4

f

(123)

In dimensional form

Q
m

=
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(124)

More generally, for thickness above flotation

Q
m

(h
m

, h
f

) =
⇢2
i

g2

8⇢
o

⌘
i

⌧0
(⇢

o

h2
m

� ⇢
i

h2
f

)h2
m

(125)

or
q
m

= Q
m

(h
m

, h
f

) (126)

Q
m

(h
m

, h
f

) =
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(f 2 � 1/r)f 2

1� 1/r
f =

h
m

h
f

(127)

So, if calving q
c

is prescribed, we could write as

h
m

ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(128)
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This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
point at the origin, which determines

Q = Q
m

(H
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) ⇡ (1� 1/r)
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we find
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=
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More generally, for thickness above flotation
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) =
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or

Q
m
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So, if calving q
c

is prescribed, we could write as

h
m

ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(127)
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So define
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So, if calving q
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is prescribed, we could write as
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Reduced model II
Away from the margin, ignore longitudinal stress

So define
HU = Q (113)

where Q = q
m

will be the flux at the grounding line (and is approximately constant
within this boundary layer). We can then write the force balance as a first order
system

U
X

= �V (114)

V
X

= �⌧⇤U

4Q
+

Q

4U2
V � V 2

U
(115)

with boundary conditions

U =
Q

H
f

V =
1

8
(1� 1/r)H

f

at X = 0 (116)

and, for matching to the outer solution,

U ! 0 V ! 0 as X ! 1 (117)

Alternative conditions for the case of a non-floating margin

U =
Q

H
m

V =
1

8
H

m

✓
1� 1

r

H2
f

H2
m

◆
(118)

This is an eigenvalue problem, to find a trajectory from the initial point to the fixed
point at the origin, which determines

Q = Q
m

(H
f

) ⇡ (1� 1/r)

8⌧⇤
H4

f

(119)

a = 0.1 a = 1 a = 2 (120)

Using further approximations

1� 1/r ⌧ 1 (121)

we find

Q
m

=
(1� 1/r)

8⌧⇤
H4

f

(122)

In dimensional form

Q
m

=
(⇢

o

� ⇢
i

)⇢2
i

g2

8⇢
o

⌘
i

⌧0
h4
f

(123)

The outer problem away from the margin is

�⌧⇤ � h
@(b+ h)

@x
= 0 (124)

@h

@t
+

@q

@x
= a (125)

h = h
f

at x = x
m

(126)

In fact, it is only strictly consistent to assume that b(x) = O("1/4), and h
f

=
"1/4H

f

, so the leading order problem is

�⌧⇤ � h
@h

@x
= 0 (127)

8

@h

@t
+

@q

@x
= a (128)

h = 0 at x = x
m

(129)

Hence
h =

p
2⌧⇤(xm

� x)1/2 (130)

and integrating the mass equation gives

p
2⌧⇤x

1/2
m

ẋ
m

=

Z
xm

0

a dx�Q
m

(H
f

(x
m

)) (131)

More generally, for thickness above flotation

Q
m

(h
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f

) =
⇢2
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g2

8⇢
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h2
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m

(132)

or
q
m

= Q
m

(h
m

, h
f

) (133)

Q
m
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, h
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) =
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f =

h
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h
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(134)

So, if calving q
c

is prescribed, we could write as

h
m

ẋ
m

= Q
m

(h
m

, h
f

)� q
c

(135)
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= a (128)
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and integrating the mass equation gives

p
2⌧⇤x

1/2
m

ẋ
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So, if calving q
c

is prescribed, we could write as
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)� q
c
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where Q = q
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The outer problem away from the margin is
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=
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Height above flotation adjusts to balance calving rate
(Hindmarsh 2012)



Could meltwater-induced ice-sheet slow-down be a 
greater problem than acceleration? 

For outlet glaciers, ‘accumulation’ includes inflow of ice from catchment basin -  
slow-down of surrounding ice will reduce ice supply, with potential rapid retreat.

Changes in accumulation are the primary driver of the marine ice-sheet instability 
in this model.

Recent observations suggest surface meltwater 
penetrating to the bed may slightly reduce, rather 
than increase, ice velocities.

Zwally et al 2002

began around 2002, and, despite interannual variability, there was a
robust overall trend of 21.5 m yr22 during 2002–14 (P , 0.01).
Meanwhile, we can divide surface meltwater production (Fig. 2a) into
three statistically significant periods (see Methods): a sustained ‘low’
melt of 2.1 water equivalent (w.e.) m yr21 during 1985–93; a rising
melt during 1993–2002; and a sustained high melt of 3.2 w.e. m yr21

during 2002–14, coincident with the slowdown in ice motion. Overall
there was a 49.8% rise in surface meltwater production across our
study area between 1985–94 and 2007–14.

We explored temporal variability in ice motion along three transects
(Fig. 1), selected to represent different ice-marginal conditions.
Transect A extends 80 km inland from the Nordenskjöld glacier, which
has a lacustrine-terminating margin; transect B extends about 30 km
inland from a land-terminating margin; and transect C extends about
30 km inland from the marine-terminating Alangordliup sermia.
Transects A and B slowed down during 2000–14 to attain velocities,
averaged along the transect, that were respectively 19% and 18% slower
in 2013–14 than during 1985–94 (Fig. 3a, b). Ice-motion characteristics
at the marine-terminating transect C were more complex (Fig. 3c). The
transect slowed on average from the mid-2000s to 2014, although ice
motion within 10 km of the margin sped up in the late 2000s following
earlier slowdown, and by 2013–14 was flowing up to about 50 m yr21

faster than during the 1985–94 reference period. Such behaviour is in
line with other tidewater glaciers that have recently accelerated5.

The slowdown signal across our predominantly land-terminating
region extends up to about 1,100 m.a.s.l. (Fig. 1), where the mean ice
thickness is roughly 850 m (ref. 24). The clear deceleration in ice
motion requires a decrease in rates of either internal ice deformation,
or basal motion, or both. Melting has caused marginal thinning of the
GIS25–27. During 1993–98, land-terminating glaciers on the west GIS
margin thinned by 0.02–0.23 m yr21 below 1,000 m.a.s.l. (ref. 25). Our
study area thinned by about 0.2 m yr21 during 2003–07 (ref. 26) and
this rate increased to 1–1.5 m yr21 during 2011–14 (ref. 27). We mod-
elled the velocity change that would be caused by 10–20 m of ice
thinning (and the associated gradient changes) along transect A over
the 1985–2014 study period (see Methods), corresponding to a max-
imum thinning rate of about 0.6 m yr21. The resulting change in driv-
ing stress can explain only around 17–33% of the observed overall 12%
slowdown signal beyond 10 km from the ice-sheet margin, and can
explain none of the slowdown beyond 50 km from the margin
(Extended Data Fig. 5c). Thus, while a component of the observed
slowdown can be explained by changes in driving stress through
ice thinning, the majority of the slowdown (that is, the remaining
67–83%) must be the result of processes operating at the ice–bed
interface that cause a reduction in basal motion.

Previous studies have suggested that the coupling between surface
melting and basal motion is self-regulating, such that there is no stat-
istically significant relationship between melting and ice motion over
annual timescales2,20. In agreement with these studies, we find no
relationship between annual melt volume and annual ice motion
(R2 5 0.08). There is, however, a significant relationship between ante-
cedent melt volumes and ice motion (Extended Data Table 1). The
mean melt volume from each observation period and the previous year
combined explain 23% of ice motion (P , 0.05), increasing to 44%
when the previous four years of melt are included. Moreover, melt
volumes explain 50% of ice motion when the mean melt volume is
calculated using only the previous three years’ data (P , 0.01).

We therefore suggest that sustained high production of surface
meltwater (Fig. 2a) is responsible for the slowdown. Observations from
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2007–14 reference period compared with the 1985–94 reference period (see
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Summary
Ice-sheet beds can be modelled using plastic rheology (though should more 
realistically couple with water pressure) - enables simple studies of stability.

Marine-terminating glaciers have potential for rapid retreat - slow-down of ice in 
the feeding catchment basin may initiate retreat.

Calving processes act to keep the glacier tongue near flotation - but small 
differences in depth have large effect on ice flux.


